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Abstract Iron, phosphate, and nitrate are essential nutrients for phytoplankton growth, and hence, their
supply into the surface ocean controls oceanic primary production. Here we present a GEOTRACES zonal
section (GP13; 30–33°S, 153°E–150°W) extending eastward from Australia to the oligotrophic South Paciﬁc
Ocean gyre outlining the concentrations of these key nutrients. Surface dissolved iron concentrations are
elevated at >0.4 nmol L1 near continental Australia (west of 165°E) and decreased eastward to
≤0.2 nmol L1 (170°W–150°W). The supply of dissolved iron into the upper ocean (<100 m) from the
atmosphere and vertical diffusivity averaged 11 ± 10 nmol m2 d1. In the remote South Paciﬁc Ocean
(170°W–150°W), atmospherically sourced iron is a signiﬁcant contributor to the surface dissolved iron pool
with average supply contribution of 23 ± 17% (range 3% to 55%). Surface water nitrate concentrations
averaged 5 ± 4 nmol L1 between 170°W and 150°W, while surface water phosphate concentrations
averaged 58 ± 30 nmol L1. The supply of nitrogen into the upper ocean is primarily from deeper waters
(24–1647 μmol m2 d1) with atmospheric deposition and nitrogen ﬁxation contributing<1% to the overall
ﬂux along the eastern part of the transect. The deep water N:P ratio averaged 14.5 ± 0.5 but declined to <1
above the deep chlorophyll maximum (DCM) indicating a high N:P assimilation ratio by phytoplankton
leading to almost quantitative removal of nitrate. The supply stoichiometry for iron and nitrogen relative to
phosphate at and above the DCM declines eastward leading to two biogeographical provinces: one with
diazotroph production and the other without diazotroph production.
Plain Language Summary Iron, phosphate, and nitrate are essential nutrients for phytoplankton
growth and hence their supply into the surface ocean controls phytoplankton growth. We present a
5,300 km zonal section extending from Australia into the South Paciﬁc Ocean relating to iron, nitrate, and
phosphate. We ﬁnd that the supply of these nutrients into the surface ocean deﬁnes that biogeographical
distribution of phytoplankton groups.
1. Introduction
Phytoplankton productivity in open ocean waters is primarily controlled by the availability of the macronu-
trients nitrogen and phosphorus, and the micronutrient iron (Falkowski et al., 1998; Martin & Fitzwater,
1988; Moore et al., 2013, 2004; Saito et al., 2014). In oligotrophic waters, such as in the South Paciﬁc Gyre
(deﬁned here as tropical and subtropical waters) (Figure 1), phytoplankton production can be limited via
the low concentrations of nitrogen, phosphorus, and iron within the euphotic zone (Bonnet et al., 2008;
Moisander et al., 2012; Saito et al., 2014; Van Wambeke et al., 2008). In this regard, the South Paciﬁc Gyre is
regarded as an ultraoligotrophic region because the vertical supply of nitrogen into the euphotic zone is
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governed by the depth of nitracline and also by low rates of nitrogen ﬁxation within surface waters (Halm
et al., 2012; Law et al., 2012; Raimbault & Garcia, 2008). Indeed, primary production within the center of the
South Paciﬁc Gyre is extremely low (~0.15 g C m2 d1) and is predominantly driven by the regeneration
of nutrients within the surface ocean (Bonnet et al., 2008; Raimbault & Garcia, 2008; Raimbault et al., 2008).
The South Paciﬁc Gyre is bounded by the equator to the north, the land masses of Australia and South
America to the west and east respectively, and the Southern Ocean to the south (Figure 1). The general
circulation of the gyre is anticyclonic with westward-moving currents along the northern boundary of the
gyre near the equator and eastward-moving currents along the southern boundary. Below the surface, the
major currents entering the South Paciﬁc basin from the south are Antarctic Bottom Water (AABW), Lower
Circumpolar Deep Water (LCDW), Antarctic Intermediate Water (AAIW), and Subantarctic Mode Water
(SAMW) (Chiswell et al., 2015; Wijffels et al., 2001). The main southward penetrating water masses in the
South Paciﬁc basin is North Paciﬁc Deep Water (NPDW) (Figure S1 in the supporting information).
Dissolved iron concentrations in South Paciﬁc surface waters are generally low with concentrations at or
below 0.15 nmol L1 (Blain et al., 2008; Chappell et al., 2012; Ellwood et al., 2013; Fitzsimmons et al., 2014;
Hassler et al., 2014). At these low concentrations, both community and diazotroph primary production
would appear to be iron-limited (Bonnet et al., 2008; Shiozaki et al., 2014; Ward et al., 2013). Incubation experi-
ments undertaken in central South Paciﬁc waters reported that additions of iron did not stimulate nitrogen
ﬁxation (Bonnet et al., 2008; Raimbault & Garcia, 2008), suggesting chronic iron limitation of diazotroph
production (i.e., cells unable to upregulate nitrogen ﬁxation) and/or the absence of nitrogen ﬁxers (Law
et al., 2011).
Adjacent to continental land masses, such as Australia, surface dissolved iron concentrations tend to be
higher than in offshore waters as a result of higher iron inputs associated with dust and coastal upwelling
(Cropp et al., 2013; Law et al., 2011, 2012; Shaw et al., 2008; Wagener et al., 2008). Surface dissolved iron con-
centrations also tend to decrease as the iron supply ﬂux declines downstream from continental dust sources
Figure 1. (a) Satellite-derived chlorophyll (Chl) concentrations for the South Paciﬁc Ocean for the period 16 May to 16 June
2011 (1 month composite) inclusive. (b) Water column ﬂuorescence. Figures were generated using Generic Mapping Tools
(Wessel & Smith, 1998) and Ocean Data View (Schlitzer, 2006). Satellite data were obtained from ERDDAP (http://coast-
watch.pfeg.noaa.gov/erddap/index.html). Note that the CTD ﬂuorescence data from the Australian leg (153°E to 170°W)
was rescaled to the ﬂuorescence data obtained on the New Zealand leg (170°W to 150°W). The white arrows in Figure 1a
represent the general surface water ﬂow patterns and the general bounds for the South Paciﬁc Gyre (Chiswell et al., 2015;
Ridgway & Dunn, 2007). STW = subtropical water, EAC = East Australian Current, STF = subtropical front.
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(Moisander et al., 2012). The supply of atmospheric iron to South Paciﬁc waters is relatively low in global
terms (Arimoto et al., 1987, 1990; Buck et al., 2013; Halstead et al., 2000; Wagener et al., 2008), because of
its remoteness to potential iron-rich dust sources, however it may play a disproportionately large role in set-
ting upper ocean iron inventories in this region when vertical and lateral diffusivity and mixing are low
(Chiswell, 2013; Zhurbas & Oh, 2004).
The depth of the ferricline in the South Paciﬁc Ocean (deﬁned here as the depth at which the change in the
concentration of dissolved iron with depth (∂DFe/∂z) is greatest) is deepest away from hydrothermal sources
(e.g., Tonga-Kermadec Ridge system close to the international dateline) and is typically >200 m deeper than
that of the nitracline (Blain et al., 2008). Recent analysis of ferricline depth for the Southern Ocean reveals that
it is also much deeper than that of the nitracline (∂NO3/∂z) and phosphocline (∂PO4/∂z) (Tagliabue et al.,
2014). This observation is particularly important as the depth and the magnitude of the dissolved iron
concentration gradient across the ferricline sets themagnitude of the dissolved iron ﬂux to the euphotic zone
(Blain et al., 2008; Boyd & Ellwood, 2010; de Baar et al., 1995; Johnson et al., 1997; Tagliabue et al., 2014). The
depth of this feature can be highly inﬂuential in regions such as the South Paciﬁc gyre where dust inputs are
low (Buck et al., 2013; Wagener et al., 2008). The decoupling between the depths of the ferricline and
nitracline/phosphocline also inﬂuences the stoichiometric supply of elements to the resident phytoplankton
community, which in turn inﬂuences the composition of the phytoplankton community and their relative
depth in the water column. For the South Paciﬁc basin, the depth at which the ferricline, nitracline, and phos-
phocline occur relative to the DCM is not well established.
Recent modeling efforts to unify observation work have focused on deﬁning the role the stoichiometric sup-
ply of iron, nitrogen, and phosphate have on the structure and function of phytoplankton communities
(Moore et al., 2013; Ward et al., 2013). Modeling by Ward et al. (2013) shows that the observed global biogeo-
graphy of diazotrophs and non-diazotrophs can be reproduced by manipulation of the stoichiometric supply
ratios of iron, nitrate, and phosphate to the surface ocean. They deﬁned six functional biogeochemical pro-
vinces for the global ocean. The two regions applicable to the GP13 section across the Southwest Paciﬁc
Ocean are the “surplus phosphate, no diazotrophs” (SPND) and “surplus phosphate, with diazotrophs”
(SPD). In the Ward et al. (2013) study, the SPND province is deﬁned as being “characterized by the absence
of diazotrophs, with low surface dissolved inorganic nitrogen, elevated surface dissolved inorganic phos-
phate, and slightly elevated (but still low) surface dissolved iron” and the SPD province is deﬁned where
the “dissolved inorganic nitrogen and dissolved iron are drawn down to subsistence concentrations by the
non-diazotrophs and diazotrophs, respectively, and the supply of excess inorganic phosphate is balanced
by local accumulation and dispersal”. Ward et al. (2013) varied N:P and Fe:N stoichiometric supply ratios
within a number of model simulations thus allowing them to project the likely N:P and Fe:N stoichiometric
conditions under which the SPND and SPD provinces are likely to form. The aim of this GEOTRACES zonal sur-
vey stretching from Australia (154°E) to south of Tahiti (150°W) along ~30°S was to assess the distribution of
iron and macronutrient concentrations across the Southwest Paciﬁc Ocean; evaluate the depth of the ferri-
cline relative to that of the nitracline, phosphocline, and the DCM; and characterize the relative supply and
stoichiometry of iron, nitrogen, and phosphate to the surface ocean from above and below, thereby allowing
us to determine likely biogeochemical provinces for the region. We also explore the regenerational supply of
iron to thermocline waters zonally to determine the potential inﬂuence atmospheric supply has on inter-
mediate water masses. This study forms part of the GEOTRACES effort to map the distribution of trace ele-
ment concentrations and isotopes within the global ocean (Mawji et al., 2015).
2. Methods
2.1. Voyage Tracks and Water Masses
The western South Paciﬁc ANZ zonal GP13 section was jointly undertaken by Australian and New Zealand
voyages from 154°E to 150°W between 30 and 32.5°S (Figure 1). The GP13 zonal transect is a repeat section
of a prior World Ocean Circulation Experiment line (P06). The regional aims were to (1) characterize the East
Australian Current (EAC) adjacent to Australia as it meanders along the Tasman Front toward New Zealand
and also to investigate the return ﬂow of the Southern Hemisphere “supergyre” (Ridgway & Dunn, 2007) as
it turns southward along the shelf-break off eastern Australia (GEOTRACES, 2007) and (2) characterize the sup-
ply of iron, nitrate, and phosphate into the euphotic zone and their cycling within the gyre. At depth, the
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GP13 section provides a narrow cross-section of the nutrient and trace metal concentration proﬁles of the
Deep Western Boundary Current entering the Paciﬁc Basin from the south. A complementary paper focusing
on the deep water supply and lateral transport of trace elements along the GP13 section is in preparation.
The ﬁrst sector of GP13 utilized the R/V Southern Surveyor (Australia) and was undertaken in austral autumn
(13 May 2011 and 6 June 2011) from 152°E; 30°S to 170°W; 32.5°S. GEOTRACES crossover stations, for inter-
calibration of the hydrography, trace metal, and nutrient results, were occupied at 170°W (31 May 2011)
and 172°W (1 June 2011). The second sector of GP13 utilized the R/V Tangaroa (New Zealand). This voyage
was undertaken in the austral winter (6 June 2011 to 30 June 2011) and went from 170°W; 32.5°S to
150°W; 32.5°S with reoccupation of crossover stations on 10 and 11 June 2011, respectively. The sampling
strategies for the two voyages were to collect dissolved trace metal and nutrient samples from the surface
to the seaﬂoor at every 5° of longitude, and surface to 1500 m at every 1° of longitude. Complementary
conductivity-temperature-depth (CTD) casts were collected at each station for standard parameters such
as pressure, temperature, salinity, and ﬂuorescence along with a limited number of samples for dissolved
oxygen used to calibrate CTD values.
2.2. Ship-Based CTD Proﬁling
Conductivity-temperature-depth (CTD) proﬁle data and water samples for nutrient and biological parameters
were collected with a winch-lowered package consisting of an SBE 911plus CTD, a Turner Designs ﬂuorom-
eter, and a 24-bottle SBE 32 Carousel water sampler. The dual temperature (SBE 3plus), conductivity (SBE
4plus), and pressure sensors (Paroscientiﬁc) were calibrated at the SBE calibration facility. In situ salinity water
samples were measured with a Guildline salinometer, standardized with International Association for the
Physical Sciences of the Ocean standard seawater. Some light quenching of the ﬂuorescence signal may have
occurred at some stations as ﬂuorescence measurements were not all made at night. This was not expected
to have a strong inﬂuence on the ﬂuorescence data set as the depth of the DCM was expected to be deep
(>50 m) across most of the section. Active ﬂuorescence (Fv/Fm) measurements were also made on a select
number of samples collected from the CTD-rosette package.
2.3. Trace Metal Sampling
On both voyages, seawater samples for trace metal determination were collected using acid-cleaned, Teﬂon-
coated, externally sprung, 10 L Niskin bottles attached to an autonomous rosette (Model 1018, General
Oceanics, USA). Upon retrieval, the Niskin bottles were transferred into a clean container laboratory ﬁtted
with HEPA-ﬁltered air work stations. Seawater samples for dissolved trace metal analysis were ﬁltered
through acid-cleaned 0.2-μm capsule ﬁlters (Supor AcroPak 200, Pall) and acidiﬁed with either distilled nitric
acid (New Zealand leg) or hydrochloric acid (Australian leg) to a ﬁnal pH ≤ 1.8. The sampling protocols
followed recommendations in the “GEOTRACES Cookbook” (http://www.geotraces.org/science/intercalibra-
tion/222-sampling-and-sample-handling-protocols-for-geotraces-cruises).
2.4. Nutrient and Trace Metal Determination
Dissolved nutrient concentrations (nitrate, nitrite, phosphate, and silicate) were determined at sea by auto-
mated analysis using a segmented ﬂow colorimetric autoanalyzer with digital detection (Frew et al., 2001;
Woodward & Rees, 2001). The micromolar nutrients on the NZ voyage were checked and quality controlled
by the regular analysis of suitable concentration nutrient reference materials (KANSO, Japan). On the New
Zealand GP13 leg, nanomolar nutrient concentrations of nitrate, nitrite, and phosphate measurements were
also made using a three-channel nanomolar analyzer, with segmented ﬂow colorimetric analytical techni-
ques in combination with a 2 m ﬂow length Liquid Waveguide Capillary Cell (Woodward, 2002; Woodward
& Rees, 2001). The detection limit for the nanonutrient system used at selected stations on the New
Zealand leg of the ANZ section was ~0.5 nmol L1 for nitrate and nitrite, and <1 nmol L1 for phosphate.
For samples collected on the New Zealand leg, iron and supporting trace metals were either determined by
isotope dilution using enriched isotopes (57Fe, 67Zn, 65Cu, 61Ni, 110Cd, and 206Pb), or by the method of
standard additions (Mn and Co). The data from Zn, Cu, Ni, Cd, Pb, Mn, and Co will not be discussed in this
manuscript. Samples were preconcentrated off-line using a home-built automated preconcentration unit.
The basics of the system are similar to that described by Milne et al. (2010) except the ﬂow pathway was
all-Teﬂon with the peristaltic pump being replaced with a Teﬂon solenoid pump (130SP1230-1TP,
Bio-Chem Fluidics). The system was controlled using custom-written software in LabVIEW (National
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Instruments, Australia). Before preconcentration, samples were spiked with enriched isotopes of and an inter-
nal standard containing Sc, In, and Yb. Samples were equilibrated overnight. Prior to analysis, samples were
buffered to a pH of ~7.2 with a clean 3-(N-morpholino)propansulfonic acid (MOPS) buffer and then precon-
centrated onto Nobias Chelate PA1 resin (Biller & Bruland, 2012; Sohrin et al., 2008). Metals were eluted with
1 mol L1 nitric acid and then determined by high resolution inductively coupled plasma–mass spectrometry
(ICP-MS) (Element XR, ThermoScientiﬁc). Blanks and the detection limit for the iron are presented in Table S1.
As a check on the precision and accuracy of the iron results, an in-house and external GEOTRACES
intercalibration standards were run and found to be in good agreement with consensus values (Table S2).
For samples collected on the Australian leg, iron and supporting trace metals were determined by the
method of standard additions. Samples were extracted and preconcentrated off-line using either (i) an
in-house matrix separation and preconcentration manifold with Nobias-chelate PA1 resin (Queroue et al.,
2014) or (ii) an ESI SeaFast system (Lagerström et al., 2013). Metals were eluted with 1 mol L1 nitric acid
and then determined by sector ﬁeld ICP-MS with enhanced sensitivity (~10 times) using a capacitively
coupling guard electrode (Element 2, ThermoFisher Scientiﬁc). Blanks and detection limits are presented in
Table S3.
2.5. Rainwater Sampling
Ad hoc rainwater sampling was undertaken on the New Zealand leg. Samples were collected using a trace
metal clean funnel fashioned from a 2 L linear low-density polyethylene bottle with the end removed (dia-
meter: 110 mm). Samples were collected from the bow of the ship. After collection samples were acidiﬁed
with nitric acid to pH < 1.8. Elemental concentrations for iron, zinc aluminum, copper, zinc, manganese,
cadmium, and lead concentrations were determined directly by high-resolution ICPMS (Tables S4 and S5).
2.6. Aerosol Sampling
The concentration (nmol m3 or pmol m3) and composition of both major and minor elements in aerosols
was sampled on both ANZ voyages using a volumetric ﬂow-controlled high-volume Lear-Siegler aerosol
sampler (with total suspended particulate inlet) mounted on the ships superstructure above the bridge.
Trace metal clean Whatman 41 ﬁlters were used, along with procedural blanks after Baker et al. (2016) and
Martino et al. (2014). Sector control was set carefully to minimize any contamination from the vessels stacks.
Air volumes sampled were typically ~1,300 m3 over a 24 h sampling period while the ship was underway. The
conversion from aerosol concentration to depositional ﬂux was based on an atmospheric deposition velocity
of 0.6 cm s1 for elements predominantly associated with (>1 μm diameter) mineral dust (Fe, Al, and Mn) or
0.1 cm s1 for elements associated with ﬁne-mode (<1 μmdiameter) aerosol particles (Zn, Cu, Ni, Cd, and Pb)
(Table S6). Duce et al. (1991) estimated the uncertainty in the use of dry deposition velocities to be approxi-
mately a factor of 2–3.
2.7. Intercomparison of CTD, Nutrients, and Iron Data Sets at Crossover Stations
The CTD, nutrient, and iron concentration data sets between the two voyages were intercompared by
collecting samples at two crossover stations on each of two voyages. Samples were collected between 15
and 1,500 m at 172°W, and 15 and 4,000 m at 170°W. The correlation between phosphate, nitrate, and silicate
concentrations for samples collected at these two crossover stations was signiﬁcant with regression slopes of
0.97 ± 0.02 (n = 26, p< 0.001), 1.00 ± 0.01 (n = 26, p< 0.001), and 1.07 ± 0.01 (n = 26, p< 0.001), respectively
(Figure S2).
The correspondence between CTD-measured parameters was also signiﬁcant for temperature, potential den-
sity, and dissolved oxygen, with regression slopes of 0.9949 ± 0.0008 (n = 2045, p < 0.001), 1.007 ± 0.0008
(n = 2045, p< 0.001), and 1.075 ± 0.001 (n = 2046, p< 0.001), respectively (Figure S2). The ﬂuorescence mea-
surements made using sensors on each CTD package on the two ANZ voyages were, however, signiﬁcantly
offset with a regression slope of 34.2 ± 1.0 and an r2 = 0.92 (p < 0.001) between 0 and 200 m. To overcome
this offset, the ﬂuorescence data from the Australian voyage was normalized to the ﬂuorescence data from
the second voyage (NZ) across the depth range of 0 to 200 m at the two crossover stations.
The correlation for dissolved iron concentrations for samples collected at the two ANZ crossover stations was
signiﬁcant with a regression slope of 1.04 ± 0.09 (p < 0.001, n = 22, r2 = 0.92) and an intercept of 0.03 ± 0.03
(p = 0.39, n = 22) (Figure S2).
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The GP13 data presented here has been approved by the GEOTRACES
Standards and Intercalibration Committee for inclusion in the second
Intermediate Data Product released in August 2017.
2.8. N2 Fixation Measurements
The methods used to determine N2 ﬁxation rates are based on those
published by Law et al. (2012) and Montoya et al. (1996). Brieﬂy, water
was subsampled from Niskin bottles and pre-screened through a
200 mm mesh ﬁlter into 2.4 L acid-prewashed polycarbonate bottles
(Nalgene). Samples were spiked with 2.5 mL of 99% 15N enriched N2
(Sigma Aldrich) injected into the bottle through a butyl rubber septum,
followed by gentle reproducible agitation. Dissolved 15N-N2 concentra-
tions were determined by analysis on a Membrane Inlet Mass
Spectrometer. Samples were incubated at in situ temperature in
temperature-controlled deck incubators at 20% PAR (photosyntheti-
cally active radiation). Incubations were terminated by ﬁltration under
low negative pressure on to 25 mm precombusted 0.7 μm GF/F ﬁlters
(Whatman), with ﬁlters stored at 20°C. The background 15N abun-
dance for particulate nitrogen was determined by (a) immediate ﬁltration at time zero, (b) control samples
incubated with ambient air addition instead of 15N-N2, and (c) poisoned controls incubated with
15N-N2
and 1 mLmercuric chloride. Filters were dried and analyzed for 15N uptake and incorporation into particulate
organic nitrogen by stable isotope mass spectrometry using a NA1500 elemental analyzer (Fisons
Instruments) interfaced to a Deltaplus (Thermo-Finnigan) continuous-ﬂow isotope ratio mass spectrometer.
N2 ﬁxation rates were determined as in Law et al. (2012), following the methods of Montoya et al. (1996).
2.9. Vertical Diffusivity, Ferricline, Nitracline, Phosphocline, and Flux Calculations
To provide an estimate of vertical diffusivity, given that only CTD proﬁles were available, an overturn scale
approach was applied. While challenged by data paucity, the mixing estimates were concurrent with the
chemistry data. As the bulk temperature proﬁles for each station for the GP13 voyage were monotonic in nat-
ure (Figure S3), a temperature-based Thorpe Scale approach could be applied. This approach used the raw
temperature data from the CTD thermistors to detect overturn scales and then estimate turbulent diffusivity
(Figure S4) (Finnigan et al., 2002; Stevens et al., 2014). This ﬁrst identiﬁes the overturn scale, estimates turbu-
lent dissipation rate, and then, based on background stratiﬁcation, estimates the diapycnal diffusivity
(Osborn, 1980). The resulting estimates were aggregated into 50m thick bins, over the top 500m of the water
column. In this analysis, downward velocity needed to be greater than>0.1 m s1 for the entire segment for
it to be acceptable, and only overturns greater than 0.25 m were considered. Electronic noise associated with
the temperature sensors was very small compared to the signal, so in conjunction with the 0.25 m minimum
overturn length scale, resulted in reasonable estimates. One issue encountered here, due the sparseness of
the data, was that in some bins, total measured overturns only accounted for a proportion of the bin and
so the ﬁnal estimate had to be weighted accordingly. In addition, as identiﬁed in Osborn (1980) and subse-
quent studies, this must be regarded as an upper bound.
The depth of the ferricline, nitracline, and phosphocline were all calculated based on themaximum change in
the dissolved iron (∂DFe/∂z), nitrate (∂NO3/∂z), and phosphate (∂PO4/∂z) concentration gradient below 50 m
(Tagliabue et al., 2014). For ﬂux calculations, we took the average of these gradients over the depth range
from the base of the mixed layer to 500 m, which typically included three to ﬁve depths depending on the
depth spacing across the depth range. Diffusion ﬂux estimates for the supply of dissolved iron, nitrate and
phosphate were calculated by multiplying the concentration gradient by diffusivity.
3. Results
3.1. Zonal Trends in Fluorescence, Dissolved Iron, and Nutrients
Across the ANZ (West to East) transect, a decrease in satellite-derived chlorophyll concentration is observed
between 152°E and 150°W, indicating lower surface water phytoplankton biomass along the eastern part of
the section compared to the west (Figure 1a). This east-west pattern is repeated subsurface where the DCM is
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located at a shallower depth in the water column in the west (153–170°E, 61 ± 18 m) compared to the east
(171–150°W, 106 ± 16 m) (Figures 1b and 2).
Surface (0–50 m) dissolved iron concentrations along the ANZ transect are generally low, ranging between
0.05 and 0.29 nmol L1, with an average of 0.15 nmol L1 between 153°E and 150°W (Figures 3 and S5).
Subsurface (50–100 m) iron concentrations followed a similar pattern. Along the ANZ section, east of
180°E, dissolved iron concentrations are also elevated by ~0.2 nmol L1 above the background concentration
of ~0.4 nmol L1 between 1,500 to 3,500 m in low-oxygen NPDW (Figure 4). The elevated iron concentrations
across this depth range appear consistent with the long-range transport (i.e., thousands of kilometers) of
hydrothermally sourced iron for waters sourced north and east of the section (Fitzsimmons et al., 2014;
Resing et al., 2015). Above and below this depth range, dissolved iron concentrations mostly ranged between
0.4 and 0.6 nmol L1.
Across northern New Zealand (170–180°E), dissolved iron concentrations are generally low in surface waters
(~0.15 nmol L1), but higher at depth (Figures 4 and S5), again, suggestive of either continental or hydrother-
mal derived iron inputs associated with the Kermadec and Colville ridge systems. West of 165°E, dissolved
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Figure 3. Surface (0–50 m) and subsurface (50–100 m) zonal transect data for (a) satellite-derived chlorophyll (surface only
(upper 10 m); see Figure 1a), (b) dissolved iron, (c) nitrate, and (d) phosphate concentration. The nitrate concentrations
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iron concentrations are elevated in surface waters, especially at stations close to continental Australia
(Figures 3 and 4), consistent with atmospheric iron inputs associated with the eastward transportation of dust
from the Australian interior and continental margin supply (Figure 5) (Ellwood et al., 2013; Gabric et al., 2016;
Mackie et al., 2008).
The surface (0–50 m) inventory of nitrate also declined from west to east, matching the zonal trend of declin-
ing satellite-derived chlorophyll concentration along the ANZ section (Figures 3 and S6). East of 170°E, the
nitrate concentration in the upper 50 m was at or below 20 nmol L1 (Figure 3). A similar trend of very low
nitrate concentration has been observed during summer in the North Tasman Sea at ~30°S; 172°E (Ellwood
et al., 2013; Law et al., 2011) indicating that this region is oligotrophic year round, with respect to nitrate.
The half-saturation (Ks) constant for nitrate uptake from oceanic waters varies between about 20 and
Figure 4. Longitudinal sections showing the distribution of (a, b) nitrate and (c, d) dissolved iron for the upper water column (0–600 m) and the full water column
(0–6,000 m).
Figure 5. (a) Annual mean atmospheric iron deposition ﬂux data. Dust data were extracted from the Albani et al. (2014)
model and converted to an iron deposition ﬂux by assuming 3.5% w/w iron. (b) Atmospheric iron deposition ﬂux for the
ANZ section extracted from Albani et al. (2014) model dust data set and converted to an iron ﬂux (as in Figure 2a).
Dotted line assumes 5% of the atmospheric iron ﬂux from the model data set is soluble. Overlayed are soluble iron ﬂux
measurements for dust samples collected on the ANZ section (blue dots and inverted triangles) and rainwater data (total
dissolvable iron) for samples obtained on the NZ leg section (Table S7). Also shown are iron deposition data for the SW
Paciﬁc Ocean fromNew Zealand (Arimoto et al., 1987; Halstead et al., 2000). Inverted blue triangles represent samples at the
limit of detection for the measurement of the soluble iron ﬂux (Table S7).
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30 nmol L1 (Harrison et al., 1996); thus, chronic nitrate limitation of phytoplankton along the GP13 transect
might be expected as background concentrations typically well below Ks values as observed by Law et al.
(2011), Raimbault et al. (2008), Bonnet et al. (2008), and Ellwood et al. (2013). In contrast, phosphate concen-
trations (0–50 m) along the ANZ section varied within a narrow range of between 30 and 110 nmol L1
(Figure 3) and exceed concentrations (< 15 nmol L1) regarded as phosphate limiting for phytoplankton
(Kretz et al., 2015; Moore et al., 2013).
Nitrate concentrations increased with depth with higher levels in AAIW (500–1,000 m), and LCDW (>4,000 m)
compared to that of the surface (Figures 4 and S6). The highest concentrations are observed with North
Paciﬁc Deep Water (NPDW, 1,500–3,000 m) along the eastern part of the section (Figures 4 and S1). These
hydrographic differences were also reﬂected in the oxygen content of these different water masses with
recently ventilated AAIW and LCDW/AABW having a higher dissolved oxygen concentration compared to
NPDW/UCDW (Figure S7).
3.2. Vertical Iron and Nutrient Concentration Gradients
The depth of the ferricline is generally shallower (average = 103 ± 37 m; range: 62 to 175 m) but generally
within 20–50 m of the mixed layer depth (MLD) along the western part of the ANZ section (153°E to
170°W). The ferricline deepened signiﬁcantly (average = 139 ± 61 m; range: 62 to 248 m, p < 0.04) across
the eastern end of the section (170°W to 150°W) and is approximately 60 m deeper than the MLD (Figure 2).
Like iron, the depth of the nitracline is generally shallower (average = 117 ± 25 m; range: 80 to 175 m) along
the western part of the ANZ section (153°E to 170°W), and deepened (average = 149 ± 54 m; range: 80 to
248 m, p < 0.01) across eastern end of the section (170°W to 150°W) (Figure 2). Between 153°E and 170°E
and 170°W and 150°W the depth of the nitracline is slightly deeper than that of the ferricline, whereas
between 170°E and 170°W the depth of the nitracline and the ferricline coincided (Figure 2).
The depth of the phosphocline is also closely associated with that of the nitracline along the entire section
(data not presented). Nitrate and phosphate concentrations are strongly coupled zonally along the section
with an N:P slope of 14.8 ± 0.1 (r2 = 0.997) (Figure 6).
The dissolved iron concentration gradient between the base of the mixed layer and 500 m ranged between
0.19 and 2.88 nmol m4, with an average of 1.13 ± 0.69 nmol m4 (Figure 7). The dissolved iron concentration
gradient decreased eastward with lower values occurring between 170°W and 150°W. The nitrate concentra-
tion gradient between the base of the mixed layer and 500 m ranged between 24 and 108 μmol m4 with an
overall average of 51 ± 14 μmol m4 (Figure 7). There appears to be a potential maximum in the nitrate gra-
dient between 170°E and 170°W after which the gradient appears to decline between 170°W and 150°W. The
phosphate concentration gradient between the base of mixed layer and 500 m ranged between 0.92 and
7.97 μmol m4 with an overall average of 3.23 ± 0.92 μmol m4 (Figure S8). There is a strong coupling
between the nitrate and phosphate gradients where the nitracline and phosphocline coincide. The N:P ratio
is 16 ± 3 (n = 43) at the depth of the nitracline and phosphocline. Similarly, there is also a strong coupling
Figure 6. (a, b) Longitudinal sections showing the N:P ratio for the upper water column (0–600 m) and the full water
column (6–6,000 m). (c) Plot of nitrate concentration versus phosphate concentration for water column samples collected
along the GP13 section.
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between average nitrate and phosphate gradient between the base of mixed layer and 500 mwith a N:P ratio
of 16 ± 3 (n = 43).
We observed a local minimum in dissolved iron concentration at depth at several stations. The depth of this
minimum varied and coincided with the depth of the DCM for only some of the stations (Figure 8). This mini-
mum in dissolved iron concentration at the DCM has been observed for regions with high dust ﬂux inputs,
such as in the Sargasso Sea and the North Paciﬁc Ocean (Boyle et al., 2005; Bruland et al., 1994; Hatta et al.,
2015; Sedwick et al., 2005) and has been attributed to biological uptake, perhaps reﬂecting an increased iron
requirement of light limited phytoplankton (Hopkinson & Barbeau, 2008) and/or scavenging of iron post
atmospheric input.
3.3. Aerosol Inputs of Iron and Nitrogen Species
Measured input ﬂuxes for aerosol iron are presented in Figure 9c. The aerosol inputs of dissolved iron is vari-
able with ﬂux values ranging between 0.5 and 36 nmol m2 d1. To complement these measured ﬂuxes, we
estimated the supply of iron from the atmosphere across the ANZ transect by incorporating model calcula-
tions of dust deposition across the South Paciﬁc (Figure 9c) (Albani et al., 2014). To converted model dust-
derived iron deposition values into a soluble iron supply ﬂux, we assigned an iron solubility of 5%, which
compares well to the measured soluble iron ﬂuxes insofar as the relative ranges for the two datasets are simi-
lar (Figure 5b and Text S1). It should also be noted that during the New Zealand leg the Puyehue-Cordón
Caulle volcanic complex erupted (4 June 2011) and ejected signiﬁcant amounts of ash into the atmosphere
(Draxler & Hess, 1998; Nakamae et al., 2014; Stein et al., 2015) (Figure S9 and Text S2), which might explain the
variability in the measured soluble iron ﬂuxes east of 170°W (Figure 5b) (Rogan et al., 2016). Volcanically
sourced iron tends to be more soluble as it is usually processed with volcanically derived acids (Ayris &
Delmelle, 2012). The measured and model-derived ﬂuxes here are consistent with values obtained for the
Figure 7. Section results for (a) diffusivity (Kz) across 125–225 m and 225–375 m binned to 5° of longitude, (b) dissolved
nitrate (blue), and (c) dissolved iron (red) concentration gradients across a depth range between the base of the mixed
layer (BML) to 500 m. Presented in Figures 7b and 7c are the average and the maximum values across the depth range.
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South Paciﬁc basin across similar latitudes (Figure 5 and Table S5)
(Arimoto et al., 1987; Buck et al., 2013; Halstead et al., 2000). Soluble
nitrogen aerosol input ﬂuxes calculated for samples collected between
172°W and 165°W ranged between 25 and 237 nmol m2 d1 for
ammonia and 328 and 1284 nmol m2 d1 for nitrate (Figure 9f).
These values are consistent with values obtained by Martino et al.
(2014) for the Southwest Paciﬁc Ocean.
3.4. N2 Fixation Measurements
Nitrogen ﬁxation rates measured for surface waters between 170°W
and 150°W are low and averaged 0.036 ± 0.016 nmol L1 d1
(Figure 9f). These values are lower than the rates obtained made by
Halm et al. (2012) at a three stations along a similar longitude
(0.12–1.16 nmol L1 d1) during the 2006/2007 austral summer and
also for the northern Tasman Sea at corresponding latitudes (Figure 9f)
(Law et al., 2011, 2012).
3.5. Vertical Diffusivity Estimates
The vertical diffusivities (Kz) values estimated in this study varied con-
siderably with minimum estimate values ranging between 7.5 × 106
and 3.1 × 104 m2 s1 (Figures 7 and S4). These values are comparable to the value (~1 × 104 m2 s1)
obtained by Stevens et al. (2012) for the North Tasman Sea (~30°S; ~171°E) and within the range measured
by Law et al. (2001, 2003) using sulfur hexaﬂuoride labeled experiments, but are generally higher than cano-
nical values 1–4 × 105 m2 s1 (Ledwell et al., 1993; Lewis et al., 1986), which represent main thermocline
A
B
200
150
100
50
0
D
ep
th
 
(m
)
150oE 160oE 170oE 180 170oW 160oW 150oW
minimum [DFe]
maximum [Fluo.]
0.01
0.1
1.0 D
F
e
 (n
m
ol
 L
-1)
150oE 160oE 170oE 180 170oW 160oW 150oW
Longitude
Surface (0-50 m) [DFe]
minimum [DFe]
Figure 8. (a) Depth at which the maximum in chlorophyll ﬂuorescence (DCM)
and the minimum in dissolved iron concentration occur for measured proﬁles.
(b) Average dissolved iron concentration between 0 and 50 m and at the
depth minimum. Note that dissolved iron concentrations are expressed on a
log scale.
Figure 9. (a) Residence time of dissolved iron in the upper ocean (0-MLD). (b) Estimates of the relative proportion of atmospheric supplied iron into surface waters
(0-MLD) versus that of the diffusive supply of iron from depth. (c) Measured dissolved iron ﬂux for iron supplied via the atmosphere (blue dots and diamonds) and
iron supplied via diffusion from the deeper ocean (red circles). (d) Residence time of dissolved nitrate in the upper ocean (0-MLD). (e) Estimates of the relative
proportion of nitrogen supplied from depth relative to nitrogen ﬁxed and atmospherically ﬁxed nitrogen. (f) Dissolved nitrogen supplied via diffusion from the
surface mixed layer (red and yellow circles), nitrogen ﬁxation (green and teal inverted triangles), and supplied from the atmosphere (blue circles, squares and
diamonds). The dashed line in Figures 9a and 9d represents residence times based on a Kz value of 1 × 105 m2 s1 (Ledwell et al., 1993). Likewise, the dashed line in
Figures 9c and 9f represents a lower diffusion supply estimate based on the Kz value from Ledwell et al. (1993). The solubility of the atmospheric iron was assumed to
be 5% with the dotted lines representing solubilities of 3 and 15%, respectively, in Figure 9c (Chance et al., 2015; Desboeufs et al., 2014; Powell et al., 2015). The
data in each panel were either from this study or from Law et al. (2011, 2012), Halm et al. (2012) (teal inverted triangles), Martino et al. (2014) (blue circle and diamond
at ~165°E) and Stevens et al. (2012) (yellow circle).
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values; thus, the Kz estimates from these two studies can be regarded as a lower limit. The Kz estimates for the
present study are binned to 5° of longitude and then used (125–225 m depth stratum) in the calculation of the
diffusive supply ﬂux for dissolved iron, phosphate, and nitrate into the upper ocean. The GP13 Kz estimates are
subject to considerable uncertainty due to spatial-temporal variability in processes driving the vertical mixing.
3.6. Horizontal Supply Estimates
Cross-frontal exchange and horizontal transport can play a role in nutrient supply in subtropical regions
(Letscher et al., 2016; Lewis et al., 1986; Palter et al., 2013). We observed a zonal gradient in dissolved iron con-
centration between 158°E and 180°, which is associated with continental margin and underwater features
(Figure 10). However, the zonal supply gradient (west-east, 100 m to 200 m) for dissolved iron (range: 2.1
to 1.9 pmol m4) are approximately 3 orders of magnitude lower than the vertical supply gradient for dis-
solved iron (range: 0.13 to 2.62 nmol m4). That said, dissolved iron concentrations between 158°E and
170°E decreased in an exponential-like manner, thus presenting a horizontal gradient with a likely continen-
tal shelf source (Figure 10) (Fitzsimmons et al., 2016; Rijkenberg et al., 2012). This is supported by the general
structure of the dissolved iron proﬁles in this region (158°E and 170°E), which exhibited higher concentrations
between 200 m and 600 m compared to proﬁles collected further east along the transect (e.g., 160°W and
150°W) (Figure S5).
To estimate the zonal ﬂux supply of iron, we multiplied the horizontal dissolved iron concentration gradient
by horizontal diffusivity estimates extracted from the data set of Cole et al. (2015) which are based on Argo
ﬂoat observations. We are conscious that horizontal diffusivity is a function of length scale (Okubo, 1971).
Horizontal diffusivities in Cole et al. (2015) were computed at 3 × 3° resolution, whereas our resolution
between stations is on the order of 1°. Using a 1° resolution leads to an over estimation of the horizontal dif-
fusivity by about a factor of 4. We corrected for this by scaling horizontal diffusivities to the distance between
stations (Okubo, 1971) (Figures 10 and S10). We restricted our calculations to 100 m and 200 m as below
these depths SAMW and AAIW dominate with meridional ﬂow paths (Figure S7). Using this approach, we
Figure 10. Zonal results for (a) dissolved iron concentration at 100 m and 200 m, (b) horizontal dissolved iron gradient at
100 m and 200 m, (c) horizontal diffusivity at 100 m and 200 m, (d) horizontal dissolved iron ﬂux, (e) nitrate concentration
at 100 m and 200 m, (f) horizontal nitrate gradient at 100 m and 200 m, (g) horizontal diffusivity at 100 m and 200 m,
and (h) horizontal nitrate ﬂux. Negative ﬂux values indicate diffusion from west to east, while positive ﬂux values indicate
diffusion from east to west. Horizontal diffusivities were extracted from the 100 m and 200 m depth intervals in 3° × 3°
gridded data set presented by Cole et al. (2015) and interpolated to individual station positions; that is, Kh varies with the
distance between stations, hence the variation in individual Kh values.
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estimate that there is some eastward ﬂuxing of iron into the north Tasman Sea (158°E and 170°E) (Figures 10
and S10) and between 175°W and 170°Wwith potential sources from continental Australia and the Kermadec
Ridge, respectively. Apart from these two regions, there is no apparent trend in the horizontal iron ﬂux data
with averages of 2 ± 13 μmol m2 d1 and 1 ± 4 μmol m2 d1 between 170°W and 150°W for 100 m and
200 m, respectively. These averages are statistically the same as zero implying that diffusive horizontal trans-
port appears to be low outside of the aforementioned regions.
In contrast to iron, there is no evident shelf input of nitrate thus variations in the horizontal nitrate concen-
tration gradient across the GP13 section are low. The horizontal zonal gradient for nitrate (west-east, 100
and 200 m) ranged between 14 and 26 nmol m4, approximately 3 orders of magnitude lower than the
vertical supply gradient for nitrate (31 to 252 μmol m4) (Figure 10).
4. Discussion
Across the Subtropical South Paciﬁc Ocean, the supply of nitrogen into the euphotic zone appears to be the
key control on biological nondiazotroph production, with potential secondary limitation by iron and phos-
phate supply via their inﬂuence on diazotroph production (Bonnet et al., 2008; Ellwood et al., 2013;
Moisander et al., 2012; Raimbault et al., 2008; Shiozaki et al., 2014; Wagener et al., 2008). Here we discuss
the zonal distribution of iron, nitrate and phosphate across the ANZ transect and investigate the likely
sources and cycling and their relative roles in controlling biological production, with respect to the biogeo-
chemical provinces outlined by Ward et al. (2013).
4.1. Iron Supply Into the Upper and Deeper Ocean
The main sources for dissolved iron in the euphotic zone are from the vertical diffusion from the deeper
ocean and atmospheric supply with some horizontal sourcing of dissolved iron into the upper thermocline
(100–200m) between 158°E and 170°E and 175°W and 170°W. Outside of these regions horizontal iron supply
gradient appears to be small.
By combining vertical dissolved iron concentration gradients and vertical diffusivities, we are able to
develop estimates of the upward diffusive dissolved iron ﬂux to remote South Paciﬁc surface waters
(Figure 9c). These calculations complement the atmospheric supply ﬂuxes presented in Figure 5. Based
on the relative portion of these supply estimates, we ﬁnd that the vertical diffusion ﬂux represents approxi-
mately 77 ± 17% of the total source ﬂux iron into the surface ocean east of 170°W, even though the diffusive
ﬂux declined eastward and despite considerable variability in the Kz values used to calculate the diffusive
iron supply ﬂux (Figure 7a). As mentioned, the Kz values estimated for ANZ zonal section are elevated
relative to values obtained by Ledwell et al. (1993). If the Kz values from Ledwell et al. (1993) are used to
calculate the diffusive iron ﬂux relative to the atmospheric iron ﬂux, then the contribution of dissolved iron
delivered into the euphotic zone via diffusion is 36 times lower (Figure 9). For waters, west of 170°W the
sourcing of dissolved iron into the upper thermocline (100–200 m) occurs in the north Tasman Sea (158°E
and 170°E) and near the Kermadec Ridge, system and will help surface ocean iron resupply by elevating
concentrations within the thermocline.
Our calculations indicate that atmospheric iron supply contributes 23 ± 17% of the total dissolved iron
input into the upper ocean between 170°W and 150°W. This is a somewhat surprising result considering
that the atmospheric iron ﬂux declines by about tenfold between 153°E and 150°W (Figures 5b and 8c).
Initially, we had anticipated that deep water iron supply would dominate in these waters because they
are relatively remote with respect to a continental dust input sources (Li et al., 2008) (Figures 5 and 10).
Notwithstanding, the supply of atmosphere iron still appears to be a signiﬁcant source to the upper ocean
away from continental sources (Figure 9b). This raises the notion as to whether dissolved iron within the
thermocline reﬂects iron that has been sourced from the atmosphere but has subsequently dissolved
either in the surface ocean or has sunk to depth and then dissolved.
To probe this idea further, we looked at the underlying water masses and their potential to supply iron into
the euphotic zone using the Wu and Boyle (2002) pipe model. This model incorporates scavenging and
remineralization processes for dissolved iron within a water parcel during long-distance transits along an
isopycnal surface. The main water masses that dominate the thermocline across the zonal section are
SAMW and AAIW. Both water masses originate in the Southern Ocean and typically have a dissolved iron
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concentration near their formation region of approximately 0.1–0.15 nmol kg1 (Bowie et al., 2009; Ellwood
et al., 2008). The transit time it takes for these water masses to transit from the Southern Ocean will vary with
latitude; however, based on anthropogenic radiocarbon invasion, the transit time for AAIW to reach at 150°W
is on the order of 33 years (Jenkins et al., 2010). Using this information and combining it with the dissolved
iron concentration for SAMW/AAIW at 150°W (~0.24 nmol kg1 at 750 m), we can calculate a regenerative
iron concentration ﬂux using the pipe model (Wu & Boyle, 2002). The equation for this model is as follows
d Fe½ 
dt
¼ F  k Fe½  (1)
where the change in dissolved iron concentration along an isopycnal surface, such as for SMAW and AAIW, is
dependent on the input concentration ﬂux (F, nmol kg1 yr1), for iron regenerated from sinking particulate
material, minus the rate for dissolved iron scavenging (k, year1) from solution multiplied by the dissolved
iron concentration [Fe]. Integration of equation (1) produces
F ¼ k Fe½   k Fe½ 0e
kt
1 ekt (2)
where [Fe]0 represents the original dissolved iron concentration for AAIW. Assuming a k value between
0.005 year1 and 0.01 year1 (Wu & Boyle, 2002), the change in the dissolved iron concentration in AAIW after
33 years of transit would be0.03 nmol kg1 assuming an initial concentration ([Fe]0) of 0.10 ± 0.05 nmol kg1
is sourced fromwaters south of New Zealand (Ellwood et al., 2008) but with no regenerative inputs associated
with sinking particulate matter. This reduction in [Fe] highlights the change in the dissolved iron concentra-
tion associated with scavenging. In contrast, the measured dissolved concentration at 150°W at 750 m is
0.24 ± 0.05 nmol kg1; thus, an addition 0.17 ± 0.05 nmol kg1 of dissolved iron is required and this must
be sourced from particulate matter sinking as it transits from the Southern Ocean to 150°W. To increase
the concentration of dissolved iron to 0.24 nmol kg1 requires a particulate iron regeneration ﬂux of
approximately 6.0 ± 2.9 pmol L1 yr1. The atmospheric ﬂux of soluble iron at 150°W is estimated to be
approximately 1.45 nmol m2 d1 (or 0.53 μmol m2 yr1) based on the model data from Albani et al.
(2014) (Figure 5). Assuming that this atmospherically sourced iron becomes incorporated into organic
matter and eventually sinks to depth, we can estimate the amount that is likely to be regenerated into
SAMW/AAIW by applying a power law ﬁt to model its vertical attenuation (a Martin-type regeneration func-
tion (Martin et al., 1987)). Using this approach, a regenerative iron ﬂux of 0.07 pmol L1 yr1 at 750 m is
obtained using a b-factor of 0.13 for iron (Boyd et al., 2017). This value represents approximately 1% of
the ﬂux required to balance the pipe model estimates. Clearly, there are caveats associated with these
calculations—for example, dust solubility, the vertical attenuation factor, and the potential for sinking dust
particles to dissolve subsurface—however, they do suggest that atmospheric iron at 150°W is not a major
source to SAMW/AAIW. Rather, the source of iron to these water masses would appear to reﬂect an accu-
mulation of dissolved iron from sinking material along the SAMW/AAIW ﬂow path. That said, the surface
ocean does appear to be inﬂuenced by atmospheric iron inputs consistent with the ﬁndings of Wagener
et al. (2008) (Figure 9).
Implicit in this discussion is organic complexation of dissolved iron by natural organic ligands. Ligands are
important in regulating iron retention, particle dissolution, and iron loss from solution (Boyd & Tagliabue,
2015; Fishwick et al., 2014; Hassler et al., 2017; Völker & Tagliabue, 2015). Background ligand concentrations
measured at a limited number of stations averaged 2.20 nmol L1 (range 0.67 to 14.7 nmol L1; 0–1,000 m)
indicating that ligand concentrations exceed background dissolved iron concentrations.
Using both the atmospheric and diffusional iron supply ﬂuxes, the residence time for dissolved iron within
the upper ocean (0–100 m) across the zonal section (Figure 9a) can be computed (it should be noted that
these residence time estimates do not account for the supply of iron from dissolution of the upper ocean resi-
dent particulate iron pool, or from lateral advection; thus, these times may be slightly overestimated). The
residence time of dissolved iron from the 0 m to the base of the mixed layer averaged 4 years (range 1.4
to 12 years) between 153°E and 170°W and increased to ~20 years near the eastern end of the section
(Figure 9). It should be noted that the residence time calculations are based on the Kz values presented in
Figure 7; if we use the canonical value from Ledwell et al. (1993) of 1 × 105 m2 s1, residence times for iron
increase signiﬁcantly by about a factor of 4. The general west-east increase in the residence time of iron in the
upper ocean likely reﬂects a decrease in both the dissolved iron supply ﬂux from deeper waters and a
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reduction in the atmospheric deposition of iron to surface waters. Coupledwith these decreases, we speculate
that iron is likely to be efﬁciently recycled by the resident plankton communities within and above the DCM.
A typical fe-ratio for iron cycling in remote low dust source waters is on the order of 0.1 or less (Boyd et al.,
2017; Landry et al., 1997). The production of iron binding ligands will also help keep iron in solution by redu-
cing the chance of loss through scavenging processes (Fitzsimmons et al., 2015). Efﬁcient iron recycling and
organic complexation will help to increase the residence time of dissolved iron within the surface ocean.
The residence times calculated here for dissolved iron are higher than those estimated for waters where there
is high seasonality in dissolved iron concentrations (Fitzsimmons et al., 2015); for example, dissolved iron in
the waters near Hawaii has a residence time of approximately 0.5 years and in the Equatorial Atlantic it has a
residence time between 0.5 and 10 years (Boyle et al., 2005; Croot et al., 2004; Fitzsimmons et al., 2015).
Likewise, the residence times calculated in this study are much longer than those estimated from export
ﬂuxes during the subtropical FeCycle II study (east of New Zealand) where dissolved iron is being actively
drawn down and exported from the surface ocean during the evolution of a springtime phytoplankton
bloom (Ellwood et al., 2014). In the FeCycle II study, residence times for dissolved iron ranged between 1
and 206 days and varied depending on the phase of the bloom. The residence times calculated for dissolved
iron across the ANZ zonal section are orders of magnitude higher compared to FeCycle II estimates, highlight-
ing the oligotrophic nature of the South Paciﬁc Ocean.
4.2. Nitrogen Supply into the Upper Ocean
Using the diffusional ﬂux for nitrate, the atmospheric depositional rate for nitrogen species, and the sur-
face water nitrogen ﬁxation rate for the section, we estimated the relative contribution to each nitrogen
supply source into the euphotic zone (Figure 9f). As we lack atmospheric deposition data for the western
section of the transect, we have supplemented this with data from Martino et al. (2014) and nitrogen ﬁxa-
tion data from the PINTS, NCycle, and COST campaigns (Law et al., 2011, 2012). The atmospheric deposi-
tion ﬂux of soluble nitrogen species across the section is relatively low (typically less 2 μmol m2 d1),
whereas rates for nitrogen ﬁxation from the PINTS, NCycle, and COST voyages are elevated in the western
part of the section in comparison to the rates along the eastern GP13 section measured during this study
(Figure 9f).
The upward diffusive ﬂux of nitrate represents a signiﬁcant source of nitrogen into the euphotic zone
(Figure 9f). Between 170°W and 150°W, the diffusional supply of nitrate into the euphotic zone represented
>98% of the total source ﬂux into the surface ocean. In contrast, along the western part of the section, the
diffusional supply of nitrate into the euphotic zone ranged between 28 and 99% of the total source ﬂux
(Figure 9e). If the Kz value of Ledwell et al. (1993) is applied, the diffusional supply of nitrate into the euphotic
zone between 170°W and 150°W still dominates (>96%), whereas along the western part of the section nitro-
gen ﬁxation becomes an even more important supply ﬂux. Based on these results, it would appear the
upward diffusive ﬂux of nitrate into the euphotic zone is the primary supply of nitrogen to fuel new produc-
tion east of about 175°E.
In contrast to iron, the residence time of dissolved nitrate from 0 m to the base of the mixed layer is much
shorter with an average of 248 days (range 1.2 to 2,887 days) (Figure 9d). There are clear peaks in nitrate resi-
dence time between 165°E and 180°W, suggesting a reduction in the rate of nitrate supply into the euphotic
zone. These peaks in the residence times for nitrate tended to occur when Kz values are at a minimum
(Figure 7a). This is particularly obvious when the Kz value of Ledwell et al. (1993) is applied; residence times
can be up to nine times higher. The shorter residence time of nitrate relative to that of iron is somewhat
strange as iron has a longer regeneration length scale compared to that of nitrogen (Boyd et al., 2017;
Twining et al., 2014). The longer residence time of iron relative to nitrate may relate to is complexation to nat-
ural organic ligands. Additionally, it may also indicate that nitrogen is taken up and exported from the eupho-
tic zone on a much shorter timeframe compared to that of dissolved iron, i.e. iron is more efﬁciently recycled.
This needs to be explored further.
4.3. Phosphate Supply Into the Upper Ocean
The supply of phosphate into the euphotic zone covaried with that of nitrate. The N:P ratio at the depth of the
nitracline and phosphocline is 16 ± 3, which is statistically the same as the deep water (>500 m) N:P ratio of
14.5 ± 0.5. Interestingly, the N:P ratio in surface waters (0–50 m) is much lower with an average of 0.6 ± 0.7.
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This decline in the N:P ratio is similar to that observed by Raimbault
et al. (2008) for South Paciﬁc gyre and would suggest either that the
assimilation ratio of N:P by phytoplankton in the euphotic zone is
higher than 16 or that nitrate is being lost via denitriﬁcation. It is unli-
kely that denitriﬁcation is occurring as surface and sub-surface waters
are well oxygenated (Figure S7); thus, it would appear that nitrate
assimilation is the cause for the decline in the N:P ratio. Without
measurements of nitrite, ammonia and nitrous oxide concentrations
and rates of exchange between nitrogen species, we can only specu-
late as to the cause of the faster depletion of nitrate relative to that
of phosphate in surface waters.
Phosphate star (P*) values calculated (where P* = PO4  NO3/14.5) for
surface waters (0–50 m) are positive and ranged between 0.028 and
0.099 nmol L1, with an average of 0.056 ± 0.016 nmol L1 (Note that
these values may be an underestimate as some values are at the limit
of NO3 detection). These P* values are consistent with increased assim-
ilation of nitrate relative to that of phosphate resulting in residual phos-
phate accumulation in surface waters. The diffusional ﬂux for
phosphate supply into the euphotic zone ranged between 2 and
98 μmol m2 d1. These values are about 100- to 1,000-fold higher
than the atmospheric deposition of phosphate in the South Paciﬁc
region (Martino et al., 2014). Thus, it appears the primary supply vector
for phosphate into surface waters in the South Paciﬁc region is from diffusional supply from deep water. The
residence time of phosphate in the surface ocean (0-MLD) is higher than that of nitrate as a result of its larger
inventory within euphotic zone with values ranging between 0.17 and 17 years (Figure S11).
4.4. Insights in South Paciﬁc Biogeochemistry: The Roles of N:P:Fe Stoichiometry on
Biological Production
Using the dissolved iron and nitrate supply ﬂuxes, the Fe:N supply ratio in the euphotic zone can be calcu-
lated (Figure 11). Across the entire ANZ section the Fe:N supply ratio ranged between 4 to 238 μmol:mol with
an average of 47 ± 55 μmol:mol. Examination of the data revealed that between 153°E and 180° the Fe:N sup-
ply ratio is generally above 40 μmol:mol (average = 117 ± 71 μmol:mol) (Figure 11); a value that is generally
regarded as the optimal Fe:N ratio for new phytoplankton production (based on an optimal Fe:C ratio of
6 μmol:mol) (Moore et al., 2004). In contrast, east of 180°, Fe:N supply ratios are more variable but generally
lower than the optimum ratio of 40 μmol:mol (average = 23 ± 14 μmol:mol). Because these ratios represent
the supply of iron and nitrogen into the euphotic zone, they will set the overall stoichiometry for new produc-
tion. Individual organisms within the euphotic zone may have differing iron and nitrogen requirements
(Sunda & Huntsman, 2015). For instance, organisms such as Prochlorococcus cannot readily utilize nitrate
(Moore et al., 2002); thus, it will utilize other nitrogen species, such as ammonium, that are produced during
the recycling of organic matter by themicrobial community. Organisms also tend to partition themselves into
various niches to utilize iron and nitrogen species across various light conditions (Johnson et al., 2006; Sunda
& Huntsman, 2015). For example, nitrogen ﬁxation occurs in the upper euphotic zone when nitrate and
ammonium concentrations are low as higher concentrations can inhibit nitrogen ﬁxation (Holl & Montoya,
2005). The surface water concentration of nitrate across the transect is low, thus diazotroph production is
unlikely to be inhibited by nitrate supply. In contrast, Synechococcus tends to have a higher iron requirement
compared to oceanic eukaryotic species and typically utilizes nitrate for growth (Johnson et al., 2006; Sunda &
Huntsman, 2015).
Across the section, the active ﬂuorescence measurements of Fv/Fm are close to the theoretical biophysical
maximum (~0.55) for the resident phytoplankton groups (picocyanobacterial (Synechococcus and
Prochlorococcus) and picoeukaryotes) sampled from the DCM. Based on the Fv/Fm results, it would appear
that the supply of iron relative to nitrate into the euphotic zone is sufﬁcient to support new production
within the DCM (Suggett et al., 2009), although we are mindful that there will be niche phytoplankton
populations within the DCM that can have differing iron and nitrogen requirements (Harrison et al.,
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Figure 11. (a) Nitrogen to phosphorous ratio for the supply of these two nutri-
ents into the euphotic zone via diffusional and atmospheric supply processes.
(b) Iron to nitrogen ratio for soluble iron and nitrogen supplied into the euphotic
zone via diffusional and atmospheric supply processes. Call out values in
Figure 11b represent optimum and minimum Fe:N ratios for phytoplankton
growth. Values taken from Moore et al. (2004, 2013).
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1996; Hassler et al., 2014; Johnson et al., 2006; Moore et al., 2002; Saito et al., 2014; Shiozaki et al., 2014;
Sunda & Huntsman, 2015).
The lack of signiﬁcant diazotroph production in surface waters between 170°W and 150°W, even
though phosphate is in excess (P* = 0.099 ± 0.028 μmol L1) and iron concentrations are low
(0.14 ± 0.05 nmol L1), is indicative of the SPND province found in the modeling study of Ward et al.
(2013) where diazotroph production is either low or nonexistent due to iron limitation. In contrast,
near continental Australia (154°E to 175°E) phosphate concentrations are generally lower
(P* = 0.079 ± 0.028 μmol L1) and iron concentrations are higher (0.34 ± 0.23 nmol L1), indicative of condi-
tions for the SPD province proposed by Ward et al. (2013) where diazotroph production occurs and hence
reduce excess phosphate concentrations. This is supported by studies that have observed signiﬁcantly higher
rate of nitrogen ﬁxation in the north Tasman Sea and also stimulation of nitrogen ﬁxation by iron and dust
addition in this region (Law et al., 2011).
Taking in the above information, the biogeochemistry of the Western South Paciﬁc Ocean along the GP13
GEOTRACES section is characterized by several important characteristics, which are summarized in
Figure 12 and include the following observations. There is the widespread presence of a broad DCM which
deepens eastward and along the zonal section and narrows in its depth range (Figure 1). There is a large ver-
tical gradient in the N:P ratio between the euphotic zone and the waters below with higher N:P ratios at
depth (Figure 6). This indicates that the resident phytoplankton community within the DCM has a high N:P
uptake ratio. Thus, the resident phytoplankton community within the DCM effectively acts like a “scrubber”
whereby they almost quantitatively remove nitrate from solution such that the concentration of nitrate dif-
fusing upward to the surface decreases to nanomolar levels. In contrast, surface phosphate concentrations
are in excess relative to nitrate based on Redﬁeld uptake stoichiometry, thereby potentially providing a niche
for diazotrophs if dissolved iron concentrations are sufﬁcient. Diazotroph production occurs close to conti-
nental Australia where iron inputs are more pronounced (Law et al., 2011, 2012; Shiozaki et al., 2014) but is
low at the eastern end of the transect. This conﬁrms previous observations of very low nitrogen ﬁxation rates
in the South Paciﬁc Gyre (Bonnet et al., 2008). The supply of dissolved iron appears to be sufﬁcient to support
phytoplankton growth within the DCM (based on Fv/Fm values), but the dissolved iron gradient and
Figure 12. Conceptual ﬁgure highlighting the supply ﬂuxes of iron, nitrogen (nitrate and ammonia), and phosphate from
the atmosphere and the thermocline waters. Iron ﬂuxes are in nmol m2 d1, while Fe:N:P ratios are in units mmol:mol:mol
and are based on individual supply ﬂux. Underlined values represent dissolved iron concentration (nmol L1), and
Fe:N:P ratios are in units mmol:mol:mol and are based on individual nutrient concentrations. The dominant phytoplankton
groups are represented by diazotrophs, Synechococcus, Prochlorococcus, and picoeukaryotes. Also depicted are the nitra-
cline/phosphocline and the ferricline. The atmospheric iron supply ﬂux is based on data extracted from the Albani et al.
(2014) model and converted to an iron deposition ﬂux by assuming 3.5% w/w iron. Soluble iron was assumed to be 5%. The
nitrogen deposition data at 160–170°E was calculated from data in Martino et al. (2014).
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diffusional supply ﬂux declines eastward away from dust and continental inputs (Figure 12). Likewise, the
nitracline deepens and declines away from continental landmasses.
5. Conclusions
Here we have presented high resolution iron and nutrients distributions for the GEOTRACES zonal section
(GP13) extending from Australia (150°E) to the oligotrophic South Paciﬁc Ocean gyre (150°W) between 30
and 32.5°S. Surface dissolved iron concentrations decrease eastward from generally high concentrations
(>0.4 nmol L1) close to continental Australia to low concentrations (<0.2 nmol L1) within the South
Paciﬁc gyre. The higher dissolved iron concentrations are indicative of atmospheric dust and continental mar-
gin inputs near continental Australia. The zonal transport and the diffusional dissolved iron supply ﬂux to the
upper ocean (<100m) from the thermocline also declines eastward. Using a “pipe”model fromWu and Boyle
(2002), we estimate that only a small portion of the iron in remote thermocline waters (at 150°W) is sourced
from the atmosphere. Across the section, the concentration of nitrate in surface waters is low and at levels
that would retard phytoplankton growth. In contrast, the concentration of phosphate in surface waters is
not regarded as growth limiting. Nitrogen supply into the upper ocean is primarily from deeper waters (range
24 to 1,647 μmolm2 d1) with atmospheric deposition of nitrate and ammonium, and nitrogen ﬁxation con-
tributing less than 1% of the nitrogen supply ﬂux. Interestingly, the deep water N:P supply ﬂux ratio is 16 ± 3
but declines to <1 within the euphotic zone indicating that the N:P assimilation ratio for phytoplankton is
>16. The stoichiometric ratio of iron and nitrogen supply into the euphotic zone averaged 47 ± 55 μmol:
mol, which is close to the threshold of iron limitation for phytoplankton, although photosynthetic compe-
tence (Fv/Fm) data sets indicated that resident phytoplankton cells in the DCM are iron replete suggesting
their iron requirements are being met. Placing the results from this study into the conceptual framework
of Ward et al. (2013) for describing the distribution of diazotrophs and non-nitrogen-ﬁxing marine plankton,
it appears that waters near Australia ﬁt the surplus phosphate diazotroph province with while the waters
further eastward would be classiﬁed as a surplus phosphate with no diazotrophs province. The switch
between these two regimes is likely connected to the supply of atmospheric iron where higher iron inputs
into the euphotic zone are known to stimulate diazotroph production.
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